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Abstract A 15 year time series (1999–2014) from the 0!, 23!W Prediction and Research Moored Array in
the Tropical Atlantic (PIRATA) mooring, which includes an 8 month record (October 2008 to June 2009) of
high-resolution near-surface velocity data, is used to analyze the diurnal variability of sea surface temperature,
shear, and stratification in the central equatorial Atlantic. The ocean diurnal cycle exhibits pronounced season-
ality that is linked to seasonal variations in the surface wind field. In boreal summer and fall, steady trade
winds and clear skies dominate, with limited diurnal variability in sea surface temperature. Diurnal shear layers,
with reduced Richardson numbers, are regularly observed descending into the marginally unstable equatorial
undercurrent below the mixed layer, conditions favorable for the generation of deep-cycle turbulence. In con-
trast, in boreal winter and spring, winds are lighter and more variable, mixed layers are shallow, and diurnal
variability of sea surface temperature is large. During these conditions, diurnal shear layers are less prominent,
and the stability of the undercurrent increases, suggesting seasonal covariance between diurnal near-surface
shear and deep-cycle turbulence. Modulation of the ocean diurnal cycle by tropical instability waves is also
identified. This work provides the first observational assessment of the diurnal cycle of near-surface shear,
stratification, and marginal instability in the equatorial Atlantic, confirming previous modeling results and
offering a complementary perspective on similar work in the equatorial Pacific.

1. Introduction

The daily cycle of solar insolation is one of the most fundamental drivers of variability in the Earth system,
with prominent effects on both the atmosphere and oceans. The diurnal cycle of heat flux between the sur-
face ocean and the atmosphere results in a concomitant cycle of sea surface temperature (SST), which was
observed as early as 1854 by William Henry Smyth, who recorded 3–4!C diurnal variations in Mediterranean
SST [Smyth, 1854]. Around the same time, the importance of these diurnal SST variations for ocean variabili-
ty and air-sea interaction was posited by Matthew Fontaine Maury who vividly described the diurnal vari-
ability of atmosphere and oceans as ‘‘cogs, and ratchets, and wheels in that grand and exquisite machinery
which governs the sea’’ [Maury, 1855].

Subsequent to those early observations, it was established that much of the global ocean exhibits signifi-
cant diurnal variability of SST [Stommel et al., 1969; Halpern and Reed, 1976; Stuart-Menteth et al., 2003], with
the largest annual mean diurnal SST ranges reaching 0.5–1!C in the tropics [Bernie et al., 2007]. The diurnal
cycle of SST has also been shown to feedback to the atmosphere in a variety of important ways [Clayson
and Curry, 1996], including modifying the heat and moisture content in the atmospheric boundary layer,
with significant effects on the lifecycle of convective cloud systems and associated precipitation [Chen and
Houze, 1997; Clayson and Chen, 2002; Dai and Trenberth, 2004; Woolnough et al., 2007]. Modeling studies
also reveal that diurnal variability modifies SST on intraseasonal, seasonal, and longer time scales [Shinoda,
2005; Danabasoglu et al., 2006; Bernie et al., 2007, 2008], which presents a challenge for accurate climate
modeling [Flato et al., 2013; Sillmann et al., 2013].

The diurnal cycle of solar heating also has important dynamic effects, as afternoon stratification of the near-
surface layer inhibits the vertical transfer of momentum that is input at the ocean surface by the wind [Price
et al., 1986]. Over the course of the day, the trapping of momentum can lead to the creation of a highly
sheared near-surface diurnal jet. After the midday peak of solar insolation, this sheared diurnal jet can
decrease the near-surface Richardson number, moving the flow toward shear instability [Price et al., 1986;
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Cronin and Kessler, 2009; Smyth et al., 2013]. Recent work in the tropical Pacific suggests that the descent of
this low Richardson number shear layer into a marginally unstable equatorial undercurrent system can pro-
vide the initiation mechanism for deep-cycle turbulence [Smyth et al., 2013; Pham et al., 2013], leading to
large vertical fluxes of heat and momentum through the thermocline [Lien et al., 1995; Moum et al., 2013].

While the fundamental role that the diurnal cycle of near-surface stratification, and shear, plays in the
dynamics of the equatorial Pacific has been extensively documented [Gregg et al., 1985; Moum and Caldwell,
1985; Peters et al., 1994; Sun et al., 1998], to date the diurnal cycle in the equatorial Atlantic has not been as
fully characterized. Recent microstructure field campaigns have provided an initial view into the turbulent
processes occurring in the upper equatorial Atlantic, with suggestions of deep-cycle turbulence, although
reduced in strength relative to the Pacific [Crawford and Osborn, 1979; Hummels, 2012; Hummels et al., 2013,
2014]. The diurnal cycle of turbulence has not been as clearly identified in observations, although this may
result from limited temporal resolution, as modeling studies suggest an expectation of processes similar to
those identified in the Pacific [Skielka et al., 2011; Wade et al., 2011].

Here we utilize a long time series spanning 15 years of atmosphere and ocean data from the 0!, 23!W
PIRATA mooring in the central equatorial Atlantic (Figure 1) [Servain et al., 1998; Bourlès et al., 2008] to
address the dynamics of the surface layer diurnal cycle. This mooring is located in the Atlantic cold tongue
region (Figure 1), enabling comparisons with the extensive diurnal cycle literature from 0!, 140!W in the
Pacific [Gregg et al., 1985; Moum and Caldwell, 1985; Bond and McPhaden, 1995; Lien et al., 1995; Sun et al.,
1998; Smyth et al., 2013]. Additionally, this time series is augmented with data from an 8 month enhanced
monitoring period (EMP) where high-resolution velocity observations resolved hourly horizontal currents
between depths of 3.75 and 150 m.

Together these observations, which are described in section 2, enable a unique description of diurnal vari-
ability spanning from the ocean surface to the thermocline. Section 3 begins with a description of the sea-
sonal cycle of diurnal SST in relation to atmospheric forcing, followed in section 4 by a detailed examination
of the mixed-layer processes which mediate the surface response to forcing. Finally, section 5 examines the
seasonal cycle of stability of the undercurrent layer below the mixed layer, a proxy for deep-cycle turbu-
lence [Smyth and Moum, 2013]. To the best of our knowledge, this represents the first in situ observational
assessment of the diurnal cycle of near-surface shear, stratification, and marginal instability in the equatorial
Atlantic Ocean.

2. Data

2.1. PIRATA Data
PIRATA moorings are instrumented with a suite of subsurface temperature and salinity measurements
(Table 1). In addition to the subsurface measurements, the 0!, 23!W mooring collects enhanced atmos-
pheric measurements as part of the OceanSITES program of deep water flux measurement sites (http://
www.pmel.noaa.gov/tao/oceansites/). Included in the surface instrumentation are measurements of wind
speed and direction, air temperature, relative humidity, rainfall, and downwelling shortwave and longwave
radiation. Daily averaged observations are transmitted from the mooring via real-time telemetry, with 1–10
min resolution data available on recovery of the mooring. Surface and subsurface observations utilized in
this study are summarized in Table 1.

The uppermost temperature observation is at 1 m depth. Significant temperature gradients can develop in
the upper few meters of the water column, particularly during conditions of low wind stress [Donlon et al.,
2002; Ward, 2006]. Thus, while we will reference the 1 m observations as being representative of a bulk SST,
they do not necessarily represent the skin temperature directly associated with atmosphere-ocean heat flux.

Surface flux, and wind stress, values are calculated from mooring data using the COARE 3b bulk algorithm
[Fairall et al., 2003].

2.2. Enhanced Monitoring Period Data
During an Enhanced Monitoring Period (EMP) from 13 October 2008 to 17 June 2009, the mooring was
instrumented with a 600 kHz acoustic Doppler current profiler (ADCP), deployed in a downward-facing posi-
tion on the mooring bridle, returning horizontal velocities between 3.75 and 35 m depth in 0.75 m vertical
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bins. Hourly means
were formed from
ensemble averages of
120 1 Hz consecutive
samples at the top of
the hour in order to
limit the effect of
mooring motion due to
surface waves. Several
of the near-surface
ADCP bins were biased
by sidelobe reflection
off instruments on the
mooring line. Cor-
rupted bins were iden-
tified by visual
inspection of echo
intensity and vertical
profiles of velocity and
were removed from
subsequent analysis.
ADCP velocity meas-
urements were vali-
dated against point
current meter observa-
tions at several depths,
with typical correlation
coefficients greater
than r 5 0.98, and root-
mean-square differences
less than 3:5 cm s21

(see Wenegrat et al.
[2014] for additional dis-
cussion of ADCP data).
An additional upward-
facing 150 kHz ADCP
was deployed approxi-
mately 12.5 km west of
the surface mooring,
measuring hourly hori-
zontal currents in 8 m
vertical bins which were
then mapped to a uni-
form 5 m grid between
150 and 35 m.

During the EMP, the
10 m temperature sen-
sor did not return data;

however, additional temperature observations were available, including observations at 13 m (Table 1). The
1 m salinity sensor returned data for only the first 22 days of the record, and the 5 m observations were
flagged while being quality controlled and are excluded from this analysis. Near-surface salinity exhibits lim-
ited diurnal variability at this location (#60:01 psu) [Drushka et al., 2014], and correlation between the avail-
able 1 and 20 m salinity observations was high (r 5 0.93). Hence, we fill the missing salinity observations
through linear regression using the 20 m values. Our results are not sensitive to this choice, and a variety of
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Figure 1. Location of the Prediction and Research Moored Array in the Tropical Atlantic moorings
(gray diamonds; study location, gray square), with seasonal average variables for (a) boreal summer
(June, July, and August) and (b) boreal winter (December, January, and February). Color scale: sea sur-
face temperature (SST) from 1999 to 2014 from NOAA optimally interpolated SST version 2 [Reynolds
et al., 2002]. Vectors: wind stress from 1999 to 2009 from the scatterometer climatology of ocean
winds [Risien and Chelton, 2008], with scale shown on plot. Contours: NOAA interpolated top of atmos-
phere outgoing longwave radiation (OLR; values shown on contours in units of Wm22) from 1999 to
2014 [Liebmann and Smith, 1996].
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alternate approaches for filling missing
salinity observations, as well as density cal-
culations based solely on temperature,
were tested.

3. Seasonal Cycle

SST variance at the diurnal frequency is iso-
lated using complex demodulation. This
technique expresses a signal as a linear
combination of a component oscillating at
the frequency of interest, with slowly vary-
ing amplitude and phase, and additional
variability at other frequencies which is
removed by filtering [Bloomfield, 1976].
Complex demodulation is applied to the
1 m temperature observations, T1m, giving,

T1mðtÞ5AðtÞcos xt2UðtÞð Þ1ZðtÞ

where A(t) is the diurnal SST amplitude
(dSSTa), x the diurnal frequency, UðtÞ the phase, and Z(t) variability at other frequencies. The peak-to-peak
diurnal SST range will thus be, 23dSSTa. Diurnal SST maxima occur near 1400 Local Time (LT) throughout
the record, so we do not discuss the phase information, UðtÞ, further. An alternate estimate of dSSTa was
formed by directly differencing daily maxima and minima after removing low-frequency trends (following
Cronin and McPhaden [1999]). Estimates of monthly averaged dSSTa from the two methods are highly corre-
lated (r 5 0.99), with regression analysis indicating a slight bias (17%) toward higher values of dSSTa using
the differencing method. We thus proceed with complex demodulation as providing a conservative esti-
mate of diurnal SST variability (uncertainty estimates for dSSTa are discussed in Appendix A).

Figure 2a shows the clear seasonal cycle in monthly averaged dSSTa. Maximum values are found in boreal
winter and spring, with typical diurnal SST ranges of 0.5–0.6!C (dSSTa of 0.25–0.3!C), consistent with esti-
mates for this location derived from modeling and remote sensing studies [Stuart-Menteth et al., 2003; Ber-
nie et al., 2007; Clayson and Weitlich, 2007]. In boreal summer and fall, the diurnal SST range is reduced to
0.2–0.3!C (dSSTa of 0.1–0.15!C). The seasonal cycle of dSSTa covaries inversely with the seasonal cycle of
wind stress (Figures 2b and 3), reflecting the mixing of surface heat fluxes through deeper diurnal mixed
layers during periods of enhanced wind stress, as discussed in section 4 [Price et al., 1986; Brainerd and
Gregg, 1993; Cronin and Kessler, 2002].

PIRATA temperature measurements have finer vertical resolution, and fewer data gaps, than salinity meas-
urements, so for the full time series we define an isothermal mixed layer depth (MLDT) as the depth at which
temperature is 0:4!C less than the 1 m temperature, which is approximately equivalent to a density change
of 0:125 kg m23 (Figure 2d). Alternate definitions of MLDT were tested with similar results. The calculation of
MLDT is not linear with respect to temporal averaging, so we calculate MLDT first using daily temperature
values linearly interpolated to a 1 m grid, and subsequently take the monthly average. Additional measures
of near-surface stratification are the depth of the 20!C isotherm, a proxy for the thermocline depth (Figure
2d), and the near-surface thermal stratification (DT ), which we define as the difference between tempera-
ture observations at 1 and 5 m (Figure 2c).

Consistent with the seasonal cycle in dSSTa, these measures of near-surface stratification all exhibit a seasonal
cycle driven by seasonal changes in wind stress. Wind speeds are at their maximum in boreal summer and fall,
and the near-surface layer is well mixed with deep MLDT and thermocline, and low DT . As the wind speed
begins to drop in boreal winter, the mixed layer shoals rapidly, and near-surface stratification and dSSTa
increase. The thermocline also begins to shoal in boreal winter; however, its response is often slower than MLDT,
with minimum thermocline depths occurring later in the seasonal cycle. This time lag reflects the basin-scale
dynamics involved in setting the depth of the equatorial thermocline, which linear theory predicts will respond
to the zonally integrated wind stress [McPhaden, 1993], whereas MLDT responds rapidly to local forcing.

Table 1. Summary of 0! , 23!W Data

Observation Height (m) Sampling Frequency

Surface Observations
Wind speed/direction 4 10 minute
SWR 3.5 2 minute
LWR 3.5 2 minute
Rain 3.5 10 minute
Air temperature 3 10 minute
Relative humidity 3 10 minute

Observation Depth (m) Sampling Frequency

Subsurface Observations
Temperature 1, 5, 10a, 13b, 20, 23b,

40, 60, 80, 100, 120
10 minute

Salinity 1a, 5a, 20, 40, 60,
80, 100, 120

10 minute

600 kHz ADCPb 3.75–35
(0.75 m bins)a

Hourly
(120 3 1 Hz ensemble)

150 kHz ADCPb 35–150 m
(8 m bins)

Hourly
(45 3 0.0125 Hz

ensemble)

aPartial data availability (see section 2.2).
bEnhanced monitoring period.
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A monthly climatology, formed from all available data, is shown in Figure 3. The annual pattern of monthly
averaged wind stress and SWR reflects the seasonal meridional migration of the ITCZ in the Atlantic (Figure
1) [Waliser and Gautier, 1993]. As the ITCZ shifts south during late boreal fall and winter, SWR and wind
speed both decrease. dSSTa reaches an annual monthly averaged maximum of 0.28!C in March, despite
shortwave radiation (SWR) being 31 Wm22 below its October maximum. Later in the year, the ITCZ shifts
further north of the equator, leading to clear skies and steady trade wind conditions, associated with low
dSSTa. This climatology suggests available surface heat flux is secondary to near-surface mixing in setting
the diurnal SST amplitude, with reduced wind stress, shallow mixed layers, and increased stratification dur-

ing boreal winter linked to
larger near-surface diurnal SST
signals. The precise mecha-
nisms responsible for variations
in dSSTa will be discussed fur-
ther using data from the EMP
in section 4.

Interannual variability in the
Atlantic is weak compared to
the seasonal cycle [Xie and
Carton, 2004], and interannual
anomalies of dSSTa at 0!, 23!W
are of smaller amplitude than
those in the Pacific [Clayson
and Weitlich, 2007]. Using simi-
lar moored data at 0!, 110!W,
Cronin and Kessler [2002]
observed interannual variabili-
ty of the diurnal SST amplitude
on the order of 60:1
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associated with the El-Ni~no Southern Oscillation. The primary modes of interannual variability in the tropical
Atlantic are the Atlantic meridional mode and the zonal Atlantic Ni~no mode [Servain, 1991; Zebiak, 1993].
Although the time range of observations covers both positive and negative Atlantic meridional mode and
Atlantic Ni~no events, we do not observe monthly average dSSTa values exceeding 60:05

!
C from the clima-

tological values.

4. Enhanced Monitoring Period

Atmosphere and ocean conditions during the 8 month EMP are summarized in Figure 4. The EMP began in
October 2008, during a regime characterized by steady southeast trade winds, limited precipitation, and
average dSSTa of 0:13

!
C. In early January, winds became lighter and more variable in direction, and there

was more frequent rain and cloudiness (Figures 4b and 4c), with significant variance of dSSTa on sub-
monthly time scales. This basic seasonality is consistent with the climatology (Figure 3), although in boreal
spring 2009 the ITCZ shifted anomalously far south due to a strong negative AMM event, leading to nega-
tive anomalies in wind speed magnitude (21 m s21) and SWR (230 W m22) at 0!, 23!W, as well as anoma-
lously high sea surface height and SST across the equatorial basin [Foltz and McPhaden, 2010; Foltz et al.,
2012]. After the period of variable winds, steady trade winds were reestablished, followed by a dramatic 5!C
cooling of the cold tongue region between June and August attributed to upwelling dynamics [Foltz and
McPhaden, 2010]. Conditions during boreal spring 2009 are thus not entirely representative of a typical year,
although the limited dSSTa anomalies during this period (Figure 2) suggest that diurnal variability may not
have been as strongly atypical.

Zonal velocity is dominated by the strong eastward-flowing undercurrent in the thermocline exceeding
1 m s21, with the westward South Equatorial Current above it in the surface layer. This results in a high
shear region on the upper flank of the undercurrent core below the mixed layer (MLD), which is defined
during the EMP as the depth at which density first exceeds the 1 m value by 0:01 kg m23. The limited verti-
cal resolution of the PIRATA mooring adds uncertainty to the calculation of MLD; however, this criteria was
found to best identify the diurnal mixed layer based on visual inspection of density profiles, was highly cor-
related with other more generous definitions of MLD, and provides consistency with prior work [Brainerd
and Gregg, 1995]. Meridional velocity is generally small, except during the passage of several tropical insta-
bility waves (TIWs) in the early part of the record, evident in the alternating north-south flow with period of
approximately 30 days [Legeckis, 1977; Grodsky et al., 2005]. Below the mixed layer, buoyancy frequency
squared (N252q21gqz) increases downward toward the thermocline, with near-surface enhancement dur-
ing the southward phase of a TIW in November 2008.

To quantify the likelihood of shear-driven mixing, we use reduced shear squared, defined as,

S2
red5u2

z 24N2

where uz is the vertical shear of horizontal currents. To account for uneven spacing of temperature, salinity,
and velocity observations, S2

red is calculated using first differences with a vertical separation of 5.25 m
between 3.75 and 30 m, and 10 m separation below 30 m. Errors in the calculated values of S2

red can arise
from a variety of sources, including instrument noise, horizontal separation between the deep ADCP and
temperature and salinity measurements, and the coarse vertical resolution. These sources of error are
addressed in Appendix B, and while they introduce significant uncertainty into the hourly estimates of S2

red ,
they do not alter the basic interpretation of the statistics used in this analysis.

S2
red is simply a rearrangement of the Richardson number (Ri5N2u22

z ), such that when
S2

red > 0; Ri < 0:25. Thus, when S2
red is positive it implies flow regimes that are unstable to shear instabil-

ities, whereas negative values imply stability. For our purposes, characterizing the flow as stable or
unstable, S2

red is preferable to Richardson number as it linearizes the effect of observational errors in
velocity shear, its distribution is less skewed than the Richardson number, and it retains additional infor-
mation about the kinetic energy of the flow [Hazel, 1972; Kunze et al., 1990; Sun et al., 1998]. It is worth
noting that the true stability boundary for stratified shear flows is not solely a function of the Richard-
son number, and may depend on the turbulent Reynolds number, as well as preexisting turbulence in
the flow [Smyth et al., 2013]. However, defining a critical value of Ri 5 0.25 (S2

red50) is a common and
useful first approximation.
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Throughout the EMP, S2
red is elevated between the surface and the thermocline, due to high near-surface

shear and low near-surface stratification. During steady trade wind conditions, there is an approximately
40 m thick layer below the mixed layer where S2

red & 0, indicating marginal instability and potentially active
deep-cycle turbulence [Smyth and Moum, 2013], which is discussed further in section 5. A thinner marginally
stable layer, approximately 15 m thick, persists throughout the variable wind conditions, following the
shoaling of the equatorial undercurrent and thermocline (Figure 4i).

A sample 7 day period of hourly data, taken when the trades were relatively steady during the cold phase
of a TIW, clearly demonstrates the diurnal cycle of near-surface shear and stratification (Figure 5). The daily
cycle of solar insolation leads to rapid morning shoaling of the mixed layer, and increasing thermal stratifi-
cation that begins at the surface, and penetrates deeper into the water column as the day progresses. This
thermal stratification inhibits the vertical transfer of momentum from the wind, leading to intensified near-
surface shear [Price et al., 1986; Bond and McPhaden, 1995]. Beginning between 1200 and 1400 LT, the
mixed layer begins to deepen. This occurs before the surface heat flux has changed sign, and is associated
with positive values of S2

red , suggesting shear instability as a mechanism for this deepening. While there is
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significant temporal and spatial variability, as well as uncertainty, in our hourly estimates of S2
red , this picture

is qualitatively similar to recent observations from the Pacific, where descending diurnal shear layers associ-
ated with subcritical Richardson numbers were shown to provide an initiation mechanism for deep-cycle
turbulence [Smyth et al., 2013].

In order to further examine the dynamics of the diurnal mixed layer, we divide the EMP into two regimes.
The early part of the record is characterized by relatively steady trade winds, clear skies, deep mixed layers
and thermocline, and marginal instability of the upper equatorial undercurrent. In contrast, the latter part of
the record exhibits weaker and more variable winds, frequent cloudiness and precipitation, shallow mixed
layers, and a shoaling of the undercurrent and thermocline. Diurnal composites for these two regimes are
described in the following two sections.

4.1. Steady Trade Wind Conditions
A composite diurnal cycle over the upper 30 m is formed by phase averaging hourly observations from 13
October 2008 to 6 January 2009. Wind stress and horizontal currents are vector averaged, and horizontal
currents referenced to the 20 m values, giving the sheared component of the flow. Temperature observa-
tions are phase averaged, and the time-depth mean removed to give the diurnal anomaly. We define an
eddy viscosity, Av, using the shear-stress surface boundary condition, qAv uz5s, where q is the density of
seawater, uz is the vertical shear magnitude, and s is the surface wind stress magnitude. This can be rear-
ranged to give an equation for Av [Santiago-Mandujano and Firing, 1990; Wenegrat et al., 2014],
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Av5
s

quz
; z50

We evaluate this using the
uppermost valid velocity
observations, giving a nominal
shear depth of 5.64 m. This
approach can be treated as an
assumption of uniform stress
between the surface and
5.64 m, and thus the value of
Av we infer will be approxi-
mate. It can be considered
analogously to the mixing
length scaling of Prandtl,
which defines a mixing length,
l, based on dimensional con-
siderations as the ratio
between friction velocity,
u'5ðsq21Þ1=2, and shear, l5u'
u21

z [Stull, 1950]. Thus, Av5l2uz .
The distribution of Av is highly
skewed, with a small number
of very large values occurring
as uz ! 0, and hence values
which exceed the 99th percen-
tile (Av ( 0:045 m2s21), esti-
mated using the bootstrap
method [Efron and Tibshirani,
1993], are excluded prior to
compositing using the geo-
metric mean.

Figure 6 shows the diurnal composite for the steady trade wind period. Surface heat flux becomes positive
into the mixed layer shortly after 0600 LT, leading to a rapid shoaling of the mixed layer from 13 to 3.5 m.
Near-surface temperature begins to rise, and a diurnal jet develops in the downwind direction. At 1400 LT,
SST reaches its maximum diurnal amplitude of 0:18

!
C and shortly after, at 1500 LT, surface shears reach 20

cms21 relative to the 20 m currents. As there is limited diurnal variance in the wind, the afternoon maxi-
mum of near-surface shear is associated with a daily minimum of Av53:331023 m2s21, reduced more than
a factor of 2 from nighttime values [Wenegrat et al., 2014]. In the late afternoon, the mixed layer begins to
deepen, Av increases, and diurnal temperature anomalies are spread over an increasingly deep mixed layer,
limiting the magnitude of the dSSTa, as noted in section 3 [Price et al., 1986; Bond and McPhaden, 1995].

Composites of S2
red are presented in terms of the fraction of hourly observations in each time-depth bin that

are unstable to shear instability (S2
red > 0; Figure 7), which we denote as F ðS2

redÞ. During steady trade wind
conditions, there is a clear diurnal cycle of S2

red , with an increasingly stable near-surface layer formed at the
surface and penetrating deeper into the layer as the day progresses. Minimum daily values of F ðS2

redÞ are
found at 1000 LT at 6.37 m depth, and at 1900 LT at 22.12 m depth. F ðS2

redÞ increases throughout the after-
noon, and by 1600 LT, shortly before the surface heat flux changes sign, approximately 40% of observations
in the upper 20 m have unstable values of S2

red . The deepening of the mixed layer, which begins midday,
along with increased F ðS2

redÞ, suggest that shear instabilities may be forming in the diurnal shear layer. After
the surface heat flux changes sign the mixed layer continues to deepen, and F ðS2

redÞ increases as a result of
convective mixing.

4.2. Variable Wind Conditions
The diurnal composite formed during the period of variable wind forcing, 7 January 2009 to 24 May 2009
exhibits a very different evolution (Figure 8). Consistent with the climatological pattern (Figure 3) maximum
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Figure 6. Composite diurnal cycle during steady trade wind conditions (section 4.1). (a) Net
surface heat flux, (b) SST anomaly, (c) wind vectors plotted along the z 5 0 line, current vec-
tors (relative to the 20 m currents) plotted at their observation depths (vectors are oriented
with north up, and magnitude scale is shown in upper left), also plotted are the temperature
anomaly (relative to the time-depth average, color scale), and MLD (dashed line), (d) eddy
viscosity, calculated as discussed in section 4.1.
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net heat flux is reduced by
128 W m22, and wind speed
by 2:7 m s21, compared to the
steady trade wind conditions.
Diurnal temperature variations
are strongly surface trapped,
with peak diurnal SST ampli-
tude reaching 0:3

!
C at 1400 LT

and persisting later in the day
than during steady wind condi-
tions. Corresponding to this,
the mixed layer remains shal-
low throughout both day and
night and does not display the
rapid afternoon deepening
seen in the stronger wind con-
ditions. Av is reduced to
approximately 1023 m2 s21

and lacks a significant diurnal
cycle, indicating less near-surface mixing than during steady wind conditions. Despite the absence of strong
wind forcing, the near-surface layer remains highly sheared below the mixed layer, resulting from the shal-
low equatorial undercurrent.

Above 20 m, S2
red undergoes a diurnal cycle (Figure 9) controlled by changes in stratification (Figure 8). Dur-

ing daytime hours, the near-surface layer becomes increasingly stable, with the daily minimum F ðS2
redÞ per-

sisting until 1400 LT, much later than during the steady wind conditions. A predawn enhancement of
F ðS2

redÞ, similar to that observed during the steady trade wind conditions, can be attributed to nighttime
convective mixing that
decreases near-surface stratifi-
cation. Below 20 m, isopleths
of F ðS2

redÞ show only a slight
diurnal cycle, suggesting lim-
ited vertical penetration of
surface-forced diurnal
anomalies.

4.3. Tropical Instability
Waves
After the seasonal cycle, the
most prominent timescale of
variability during the EMP is
that associated with the pas-
sage of several TIWs from
October through January
(Figure 4f). During TIWs, alter-
nating north-south meridional
flow with period of approxi-
mately 30 days advects the
background SST gradient
(Figure 1) and modifies near-
surface S2

red through changes
in both uz and N2 [Weisberg
and Weingartner, 1988; Jochum
et al., 2004; Grodsky et al.,
2005; Moum et al., 2009]. TIWs
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Figure 8. As in Figure 6, for the variable wind period (section 4.2).
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are also known to modulate equatorial turbulence [Lien et al., 2008; Moum et al., 2009], with enhanced mix-
ing during the transition from north (cold SST) to south (warm SST) phases [Lien et al., 2008; Inoue et al.,
2012]. In our data, winds remain relatively steady across TIW phases (see Chelton and Xie [2010] for a discus-
sion of TIW-atmosphere coupling), and while TIWs change the local SST, there is only limited TIW modula-
tion of dSSTa (Figure 4a) [Cronin and Kessler, 2002]. However, subsurface conditions differ dramatically by
TIW phase, as is evident in Figure 10, which shows the passage of a TIW, beginning in the cold (north)
phase, progressing into the warm (south) phase around 31 October, and then returning to a cold phase
around 16 November.

During the cold phases, diurnal cycling of the MLD is pronounced, with nighttime mixed layers reaching
20–40 m and daytime mixed layers shoaling to less than 5 m. Stratification and shear are enhanced along
the base of the mixed layer, and a layer of elevated S2

red extends from the mixed layer toward the core of
the undercurrent in the thermocline. In the warm phase of the TIW, SST warms by approximately 1:5

!
C (Fig-

ure 10b), and there is a reduction in net surface heat flux (Figure 10a). During this phase of the TIW, the diur-
nal SST anomaly does not change appreciably from the cold phase. However, a subsurface diurnal cycle is
less evident, with a consistently shallow mixed layer and a less clearly defined diurnal cycle of S2, potentially
due to our inability to resolve velocity above 3.75 m.

Additionally, during the warm phase, the layer of enhanced S2
red below the mixed layer bifurcates into two

distinct layers, separated by a thin region of stable S2
red centered at approximately 40 m depth. Moum et al.

[2009] first noted this feature in the tropical Pacific, and termed the lower of these layers the upper core
layer. They found the upper core layer continued to show enhanced turbulent dissipation, but appeared to
be dynamically isolated from the surface-forced diurnal cycle. While qualitatively similar to the upper core
layer observed in the Pacific, the layer observed here is thinner, and does not appear as distinctly isolated
from the near-surface layer of elevated shear, potentially due to the shallower thermocline at this location
or our lower resolution observations [Inoue et al., 2012]. We also observe an enhancement of S2

red at the
base of the deep-cycle layer during the cold phase, due in part to enhanced meridional shear.

The composite diurnal cycle of section 4.1 will average across TIWs, so here we segment by TIW phase. The
0!, 23!W mooring does not evenly sample all TIW phases, being offset to the south from the center of the
TIW wave midline, as determined from satellite SST imagery. Hence, we divide the observations into only
two phases, a cold phase on 15 October to 30 October, and a warm phase from 31 October to 15
November.

In the cold phase of the wave, S2
red undergoes a very clearly defined diurnal cycle (Figure 11a). The nighttime

near-surface layer has low stratification, and 86% of observations at 5.26 m have S2
red > 0 at 0300 LT. Follow-

ing dawn, the upper water column rapidly stabilizes due to thermal stratification. The afternoon increase of
shear, leading to increased F ðS2

redÞ, that was discussed in section 4.1 is even more clearly defined during
the TIW cold phase. At 1300 LT, the mixed layer begins to deepen, along with rapidly increasing F ðS2

redÞ,
suggesting that shear instabilities are eroding the diurnal thermal stratification.

The composite diurnal cycle is
very different during the warm
phase of the TIW, where the
warmer, more strongly strati-
fied, near-surface layer is more
stable throughout the diurnal
cycle (Figure 11b). F ðS2

redÞ is
reduced at all hours, and only a
weak diurnal cycle of S2

red is
apparent above 15 m depth.
However, the low dSSTa during
this phase of the TIW suggests
that a similar wind-driven mix-
ing is continuing to occur in
the shallow mixed layer above
our observation depths, with
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Figure 9. As in Figure 7, for the variable wind period (section 4.2).
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limited vertical penetration of
the diurnal shear layers.

5. Marginal Instability

Recent work using long
moored measurements of dis-
sipation at 0!, 140!W suggests
that flows with Richardson
numbers distributed around
the critical value of 0.25, a
form of statistical equilibrium
termed marginal instability,
may indicate regimes where
deep-cycle turbulence is active
[Thorpe and Liu, 2009; Smyth
and Moum, 2013]. While the
existence of marginal instabil-
ity does not quantify the
strength of turbulence, it is
particularly well suited to eval-
uation from moored records.
Smyth and Moum [2013] dem-
onstrate that increasing the
vertical separation over which
Richardson number is calcu-
lated alters the skewness of
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the resulting distribution, but does not eliminate the distribution’s peak near the critical value. Conse-
quently, marginal instability continues to be clearly identifiable regardless of vertical scale. Deep-cycle tur-
bulence is one of the defining features of the diurnal cycle on the equator and, as we lack direct
measurements of dissipation, we can use measures of marginal instability as a proxy for the existence of
active deep-cycle turbulence.

Figure 12 shows median profiles of S2
red for the two wind forcing regimes, as well as the distribution of

observations in the 22–50 m depth range. During steady trade wind conditions, there is a 40 m thick layer
below the mixed layer where S2

red & 0, while during variable wind conditions this same layer becomes
increasingly stable with depth. This is further illustrated in Figure 12b, where the distribution of S2

red is
sharply peaked around 0 for the steady trade wind conditions, while it is skewed toward more negative (sta-
ble) values when the winds are light and variable. Figure 12c shows this same shift in distribution in terms
of Richardson number. This shift in the stability of the equatorial undercurrent layer below the mixed layer
suggests a seasonal cycle in deep-cycle turbulence, which is discussed further below.

Additional shorter time scale variability in the stability of the near-surface layer is also distinguishable in Fig-
ure 4i. Notably, the thick layer of S2

red & 0 below the mixed layer during steady wind conditions persists into
late January, well after the change in local wind stress, and cessation of the strong diurnal cycle of shear
flow. This occurs coincident with the south phase of a TIW (Figure 4f), with a large component of the total
shear coming from shear in the 20–40 day period band, including significant contributions from the meridi-
onal component. This enhanced shear, along with a deep thermocline, contributes to the persistence of
marginal instability above 50 m, despite the absence of strong local surface forcing and diurnal shear layers.

Estimates of the turbulent dissipation rate, !, below the mixed layer can be formed using parameterizations
based on S2

red , or Richardson number. While a comparison of dissipation parameterizations is beyond the
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scope of the present work, for completeness we apply the turbulence parameterization of Kunze et al.
[1990] to provide a quantitative estimate of the turbulent mixing implied by the marginal instability noted
above. This parameterization is based on the energetics of Kelvin-Helmholtz instabilities, and gives

!KWB5
Dz2

96

!
u2

z 2
N2

Ric

"!
uz2

Nffiffiffiffiffiffi
Ric
p

"

where hxi50 if x ) 0 and hxi5x for x> 0, and Dz is the vertical separation over which uz and N are calcu-
lated [Kunze et al., 1990; Peters et al., 1995; Polzin, 1996]. The critical Richardson number, Ric, was assumed in
Kunze et al. [1990] to be 0.25; however, it may also be treated as a free parameter to account for observatio-
nal constraints such as vertical resolution [Polzin, 1996]. We present results for several possible choices of Ric

(Figure 13), with Ric50:4 suggested based on the vertical scale of our observations [Polzin, 1996]. Ocean tur-
bulence statistics are highly skewed [Peters and Gregg, 1988]; hence, estimates of average !KWB are formed
using the trimmed mean, excluding the highest and lowest 5% of hourly observations before averaging,
which provides a robust estimator of central tendency for heavy-tailed distributions [Wilcox, 2010].

Calculated values of !KWB demonstrate a seasonal cycle of turbulence, regardless of choice of Ric, with ele-
vated !KWB during the steady trade wind conditions, and values decreasing by 1–2 orders of magnitude dur-
ing the variable wind regime in boreal spring (Figure 13). We note that !KWB is enhanced at high S2

red and
thus also follows a diurnal cycle similar to that discussed in section 4. The seasonal modulation of turbulent
dissipation, and marginal instability, below the mixed layer indicates a seasonal cycle of deep-cycle turbu-
lence in the central Atlantic broadly consistent with estimates derived from heat budgets at this location
[Foltz et al., 2003; Hummels et al., 2014], and similar to the seasonal cycle of dissipation observed at 0!, 10!W
in the eastern Atlantic [Hummels et al., 2013], and at 0! , 140!W in the Pacific [Moum et al., 2013; Smyth and
Moum, 2013]. Further, these finding suggests in-phase seasonal variability of the marginally unstable layer
and the prominence of diurnal shear layers.

6. Summary

We have provided an assessment of diurnal SST, near-surface shear, and stratification at 0! , 23!W in the cen-
tral equatorial Atlantic using a 15 year time series in conjunction with an 8 month enhanced monitoring
period of high-vertical resolution velocity observations. Major results can be summarized as follows:

1. The diurnal cycle of SST in the central equatorial Atlantic is strongly modulated by wind stress, with clima-
tological monthly mean diurnal SST amplitude reaching 0:28

!
C during the light and variable wind condi-

tions prevalent in boreal winter and spring. Climatologically, the highest diurnal range in SST occurs
during periods of reduced SWR, suggesting that wind-driven mixing determines the seasonal modulation
of diurnal SST amplitude. Interannual variability of diurnal SST amplitude at this location is small com-
pared to the seasonal cycle.
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Figure 13. Monthly averaged (5% trimmed) turbulent dissipation rates, !KWB ðW kg21Þ, over the layer 20–50 m below the hourly MLD. Esti-
mates are calculated for three different values of Ric as indicated in the legend. The trimmed mean for April (Ric50:25) equals 0 and is not
plotted. These results from the definition of the Kunze et al. [1990] parameterization, which equals zero whenever the instability criteria are
not met (section 5). Vertical error bars indicate 95% confidence intervals on the trimmed mean, estimated using the bootstrap method.
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2. During relatively steady trade wind conditions, we regularly observe descending diurnal shear layers,
corresponding to an increased frequency of S2

red > 0 (Ri< 0.25). The mixed layer frequently begins to
deepen while the surface heat flux is still into the ocean, suggesting that instabilities of the sheared
diurnal jets are mixing the near-surface layer. This mixing reduces the maximum achievable diurnal
SST amplitude by spreading heat over deeper layers. During light and variable wind conditions, we
see a near-surface diurnal cycle of S2

red , resulting primarily from diurnal variability of N2. Mixed layers
are shallow and diurnal temperature anomalies are strongly surface trapped, resulting in larger diur-
nal SST signals.

3. TIWs modulate the diurnal cycle in the mixed layer of the tropical Atlantic. During the cold (north)
phase, subsurface conditions resemble a more clearly defined version of those described earlier in
relation to the steady trade winds period. In the warm (south) phase, the mixed layer shoals and
there is not a well-defined diurnal cycle of shear flow at our uppermost observation depth of
6.37 m. Negligible TIW modulation of diurnal SST amplitude is found, suggesting that similar wind-
driven mixing continues above our observation depth, albeit with limited vertical penetration of the
diurnal shear layers.

4. Concurrent with the descending diurnal shear layers observed during steady trade wind conditions,
we observe marginal instability of an approximately 40 m thick layer below the mixed layer and
above the thermocline. The strength of this layer appears to vary seasonally, tracking the shoaling
thermocline and thinning substantially during the period of reduced wind stress in boreal winter.
This property of marginal instability, along with the estimated turbulent dissipation rates, suggests
a seasonality of deep cycle mixing that agrees with prior estimates of the seasonal cycle of mix-
ing in the equatorial Atlantic [Foltz et al., 2003; Hummels, 2012; Hummels et al., 2013, 2014] and
the equatorial Pacific [Smyth and Moum, 2013]. After the seasonal relaxation of local surface wind
stress, we observe an approximately 2 week period where enhanced vertical shear during the
south phase of a TIW contributes to the maintenance of a thick marginally unstable layer in the
absence of diurnal shear variance.

These findings provide observational confirmation of prior diurnal cycle modeling work [Skielka et al.,
2011; Wade et al., 2011] and indicate that many of the same dynamic processes that have been stud-
ied in the Pacific may also be active in the Atlantic [Gregg et al., 1985; Moum and Caldwell, 1985;
Peters et al., 1994; Sun et al., 1998]. In particular, observations of diurnal shear layers descending into
the marginally unstable undercurrent layer suggests that we see both a mechanism for the initiation
of deep-cycle turbulence [Smyth et al., 2013; Pham et al., 2013], as well as the resulting footprint on
the flow stability [Smyth and Moum, 2013]. The regular occurrence of descending diurnal shear layers
throughout the 2.5 months of observations during steady trade wind conditions can also be consid-
ered as evidence for the suggested role of diurnal shear in initiating deep-cycle turbulence, a finding
enabled by the unique long moored-ADCP record of near-surface currents we utilize here. Currently,
the limited dissipation measurements in the central equatorial Atlantic have been inconclusive in char-
acterizing the diurnal cycle of turbulence [Crawford and Osborn, 1979; Hummels, 2012; Hummels et al.,
2013, 2014]. However, our findings suggest that future measurements are warranted, and will provide
a useful point of comparison and contrast with the existing literature from the Pacific.

Appendix A : Uncertainty in dSSTa

The good agreement between complex demodulated dSSTa and estimates derived from direct differencing
of daily maxima and minima gives us a basic level of confidence in our approach of estimating dSSTa (sec-
tion 3). Additional uncertainty estimates for the complex demodulated dSSTa can be formulated using
Monte Carlo simulation. Complex demodulation was performed on repeated realizations of a synthetic sig-
nal, consisting of a diurnal oscillation of known amplitude plus Gaussian white noise with variance scaled to
match the SST observations in a spectral window surrounding the diurnal frequency, excluding the diurnal
peak [Pawlowicz et al., 2002]. Standard errors are then estimated from the synthetic signals using the
median absolute deviation, and are found to be a very weak function of amplitude. Hence, 95% confidence
intervals on the complex demodulated diurnal SST amplitude are well approximated by a constant value, 6
0:031

!
C for daily averaged estimates.
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Appendix B : Errors in S2
red

We consider errors in calculated values of S2
red arising from three sources: instrumental noise, the approxi-

mately 12.5 km horizontal separation between the deep ADCP mooring and the surface mooring on which
temperature and salinity observations were made (section 2.2), and the vertical resolution of the
observations.

B1. Instrumental Noise and Horizontal Separation
We assume that instrumental noise, and horizontal separation, can be treated as additive errors, such that
uobs5u1!u, and qobs5q1!q .

Above 35 m, !u will result solely from instrumental error, which can be calculated using the published
single-ping variance for the 600 kHz ADCP configured as deployed, giving !u58:731023 m s21 for ensem-
ble averaged values. Below 35 m, !u will consist of both instrumental error and errors due to the approxi-
mately 12.5 km horizontal separation between the ADCP mooring and the surface mooring. The upward
and downward-facing ADCPs have overlapping velocity observations at 35 m depth, and hence we can
treat the RMS difference between these observations as representing error due to horizontal separation.
Using this approach we find !u50:17 m s21. This value is also roughly consistent with alternate estimates
derived by adopting Taylor’s frozen turbulence hypothesis, equating temporal shifts with horizontal separa-
tion [see also Smyth and Moum, 2013, Supplementary Information].

The value of !q is calculated in a similar manner, using the ATLAS mooring temperature (salinity) sensor
accuracy of 60:02!C (60.02) [Freitag et al., 2005]. A linearized equation of state is used to give !q56:43
1023kg m23 for ensemble hourly averages of 10 min data. This estimate is likely conservative, as it applies
post-deployment sensor drift errors to the entire observational period [Freitag et al., 2005].

The effect of these observational errors on finite difference calculations can be assessed using

!z5

ffiffiffi
2
p

!

Dz
(B1)

where we have assumed that errors are uncorrelated across depth bins. Application of B1 gives, !uz 52:33
1023s21 (!uz 52:431022s21), and !N2 51:731025s22 (!N2 58:731026s22) for hourly estimates above (below)
35 m.

These values are then used in the propagation of errors formula to give an estimate of the total error in an
hourly calculated value of S2

red ,

!S2
red
&

@S2
red

@uz
!uz

$ %2

1
@S2

red

@N2 !N2

$ %2
" #1

2

52 u2
z !

2
uz

14!2
N2

h i1
2

(B2)

where we have ignored a term involving the covariance between uz and N2 as it is found to be small com-
pared to other terms. Using average values for uz, we find errors in hourly calculated values of S2

red on the
order of 1:131024s22 (8:931024s22) above (below) 35 m depth. Uncertainties of this magnitude do not
alter the interpretation of the statistics used in this analysis.

B2. Vertical Resolution
The effect of the vertical separation between instruments, in particular the coarse resolution of temperature
and salinity, cannot be assessed directly using our data. However, previous work suggests that the effect of
lowering vertical resolution on the calculation of Richardson number is to alter the skewness of the distribu-
tion, rather than fundamentally altering the basic shape of the probability distribution [Smyth and Moum,
2013]. We thus expect that the coarse mooring vertical resolution will shift the calculated S2

red toward more
stable values, without qualitatively changing our major findings.

It is possible to estimate the effect of vertical resolution on the calculation of N2 in the upper 100 m using
38 available CTD casts from the World Ocean Database [Boyer et al., 2013] within 61

!
of latitude and longi-

tude of the mooring that have vertical resolution of at least 1 m and the first observation above 40 m depth.
To accomplish this, estimates of N2 are calculated for each CTD profile using the full resolution of the profile,
which we treat as representing the true N2. CTD observations of temperature and salinity are then
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decimated to observation depths consistent with the mooring sampling scheme, and new N2
dec are calcu-

lated. Differences between these values can be considered as errors due to the vertical sampling scheme
employed by the PIRATA mooring.

Values of N2 and N2
dec calculated in this manner are well correlated above 30 m (r 5 0.78), and over the

upper 100 m (r 5 0.62). We use robust linear regression of the form N2
dec5b̂N21!, where ! are the errors in

N2
dec that we seek to minimize. Applying this to the CTD data between the surface and 100 m depth gives,

b̂50:84, suggesting a low bias in N2
dec . We reran the analysis of this study after adjusting the observed val-

ues of N2 to account for this bias and found that the major results are robust to this change. Further, alter-
nate values of b̂ ranging from 0.5 to 1.5 were tested, and the results were found to be qualitatively robust
to these adjustments.
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